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Abstract

The initiation of Antarctic glaciation in the early Oligocene (~34 Ma) is represented by a distinct positive anomaly in the

marine d18O record designated Oi-1 and accompanied by positive excursions in the mean d13C of oceanic dissolved inorganic

carbon and biogenic sediment accumulation rates. Within 400 ky of the onset of Oi-1, the climate system settled into a more

moderate but stable bglacialQ state.
Here, through modeling, we investigate two of the principal biogeochemical processes involved in this response: silicate

weathering and marine organic carbon cycling. We initiate the event with a rapid drawdown in atmospheric CO2 resulting from

increased weatherability of the continents associated with Himalayan orogeny. This perturbation triggers the overshoot and

adjustment of the d18O record because of feedback among ice-sheet coverage, silicate weathering rates, and atmospheric CO2.

The system is a damped oscillator, the strength of which depends on the sensitivity of chemical weathering rates to climate

change and climate to changes in atmospheric CO2. Increased oceanic mixing associated with initial transition into a glacial

world accelerates the rates of biological productivity and carbon burial, lowering atmospheric CO2 and accelerating global

cooling and ice-sheet growth, and generating a carbon isotope response that crudely approximates that observed. The Oi-1

overshoot appears to require a rapid (b1 million year) application of the forcing (e.g., tectonic drawdown of atmospheric CO2).

Although further investigation and more sophisticated models ultimately may show that other triggers and feedbacks prevailed

during Oi-1, the modeling presented here demonstrates that simple feedbacks in the climate system can explain the overshoot

and adjustment response to early Oligocene climate forcing.
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1. Introduction

The most prominent step in the long-term tran-

sition from greenhouse to glacial conditions during

the Cenozoic occurred in the early Oligocene, roughly
ge 47 (2005) 51–66
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34 Ma. The sudden appearance of a large continental

ice sheet on Antarctica is well-documented in oxygen

isotope and glaciomarine sediment records (Ehrmann

and Mackensen, 1992; Zachos et al., 1992; Hambrey

et al., 1991; Wise et al., 1991; Barrett et al., 1989).

Other significant changes include several degrees of

high-latitude cooling, intensification of atmospheric

and oceanic circulation, development and intensifica-

tion of the polar front, and increased aridity in

continental interiors (Bestland et al., 1997; Barrera

and Huber, 1991; Baldauf and Barron, 1990; Keller et

al., 1987). Isotopic and other evidence indicate that

this reorganization, particularly the ice-sheet expan-

sion, was abrupt, with much of the ice expansion

occurring in less than 50 ky (Diester-Haass and Zahn,

1996; Zachos et al., 1996).

The effects of this rapid and extreme climatic

transition on global environments were ubiquitous.

Most marine and terrestrial ecosystems were affected,

including the high latitude oceans where cooling and

more vigorous upwelling elevated the biological

production of opal at the expense of carbonates

(Salamy and Zachos, 1999; Wei and Wise, 1990),

and mid-latitude continents where increased aridity

accelerated the expansion of scrubland at the expense

of dense forests (e.g., Gregory and Chase, 1992;

Wolfe, 1980, 1994). The changes in climate and

global ecosystems, in turn, contributed to a funda-

mental shift in the character of global sedimentation.

On passive margins, carbonate-rich facies were

largely replaced by siliciclastic (Miller et al., 1998),

and in the deep-sea the calcite compensation depth

(CCD) deepened by more than a kilometer (Peterson

and Backman, 1990; Van Andel, 1975).

The most unusual and, perhaps, important aspect of

the early Oligocene transition is the manner in which

the climate system reorganized itself. Rather than

migrating along a direct path from one equilibrium

climate state to the next, the climate system experi-

enced an overshoot, or transient, in which it appears to

have drifted beyond equilibrium into an extreme mode

before settling into a more moderate stable mode. This

pattern is best defined in high-resolution deep-sea

oxygen isotope records from the South Atlantic and

Indian Ocean (Diester-Haass and Zahn, 1996; Zachos

et al., 1996). Each record exhibits essentially the same

pattern, a 1.2x increase in d18O between 33.7 and 33.5

Ma (Fig. 1), relatively elevated values for ~200 ky, the
duration of chron 13N, and then a partial return to less
18O-enriched values by 33.0 Ma. The rise in d18O
appears to have followed a non-linear path, increasing

slowly at first, and then accelerating rapidly over the

last 50 to 100 ky. Each record peaks at a mean value of

2.5x that is similar to values recorded in the Pliocene,

implying similar ice volume and temperature perturba-

tions. For the next 400 ky (33.4 to 33.0 Ma) values

remain relatively high, oscillating between 2.3x and

2.5x, before settling to lower values for the remainder

of the early Oligocene. Given the isotope data and

glaciomarine sediment evidence, this brief positive

isotope anomaly, which has been designated Oi-1, must

reflect an unusually bdeepQ glaciation characterized by
ice volume close to present day.

The onset of Oligocene glaciation is generally

attributed to the regional cooling effects brought on by

either the gradual widening of the oceanic passages

surrounding Antarctica (Kennett and Shackleton,

1976), although the deep-circumpolar current prob-

ably was not established until the opening of the

Drake Passage in the Miocene (Beu et al., 1997), and/

or the reduction of greenhouse gas concentrations

from peak levels in the early Eocene (DeConto and

Pollard, 2003; Pearson and Palmer, 2000). In either

scenario, a threshold involving temperature is excee-

ded initiating rapid accumulation of ice, and/or an

abrupt change in ocean circulation. Such behavior is

common in complex dynamical models which often

exhibit multiple equilibrium states for the same sets of

boundary conditions (Crowley and North, 1988). The

pattern of the Oligocene transition, however, is com-

plicated by the step into an extreme but temporary

state, Oi-1. The most likely candidates for generating

strong but temporary feedbacks on climate change are

large-scale biogeochemical processes, specifically

those involved in controlling the level of CO2 in the

atmosphere (Broecker, 2000).

The purpose of this study is to identify and

evaluate potential large-scale biogeochemical feed-

backs on the Oligocene climate–ocean system as it

rapidly shifted from a non-glacial to glacial regime.

We have elected to focus on two feedbacks that can

influence the concentration of carbon dioxide in the

atmosphere. The first is a negative feedback: the

chemical weathering of continental silicates, which is

a principal sink for atmospheric CO2 on geologic time

scales. In theory, ice-sheet growth and cooling inhibit
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Fig. 1. High resolution (~9 ky) benthic foraminiferal d18O and d13C records for 3 deep-sea cores from the Atlantic, Sites 522 and 689, and

Indian Oceans, Site 744, provide a consistent and clear chronology of the early Oligocene transition (Diester-Haass and Zahn, 1996; Salamy and

Zachos, 1999; Zachos et al., 1996). Plotted relative to a common frame of reference, the GPTS (Berggren et al., 1995), each record exhibits

essentially the same pattern, a 1.2x increase in d18O between 33.7 and 33.4 Ma. The rise in d18O appears to have followed a non-linear path,

increasing slowly at first, and then accelerating rapidly over the last 50 to 100 ky.
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silicate weathering thereby reducing the rate of CO2

drawdown (e.g., Broecker and Sanyal, 1998; Gibbs

and Kump, 1994; Kump and Alley, 1994) ultimately

allowing CO2 to rise. The second is a positive

feedback: the rate of oceanic overturn, which controls

primary production and carbon burial. High latitude

cooling and increased wind stress would tend to

accelerate rates of upwelling and productivity, and

increase the burial rate of organic carbon relative to

carbonate carbon, thereby lowering CO2 (e.g., Salamy
and Zachos, 1999; Zachos et al., 1996). This

mechanism is often invoked to explain glacial to

interglacial variations in CO2, although the linkages

between climate and biological productivity are far

from simple (e.g., Broecker, 2000; Sigman and Boyle,

2000). Benthic foraminiferal d13C and opal accumu-

lation rates show brief positive excursions coeval with

Oi-1 (Salamy and Zachos, 1999; Diester-Haass and

Zahn, 1996; Zachos et al., 1996). The downward flux

of organic carbon increases as well in several regions
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(Latimer and Filippelli, 2002; Diester-Haass and

Zahn, 2001). Also, Oi-1 marks the initiation of an

extreme global deepening of the CCD (Zachos et al.,

1996; Peterson and Backman, 1990).

In order to quantify the potential effects from each

on ocean d13C as well as CO2, we have devised a

simple model to examine how the global carbon cycle

might respond to variations in (1) silicate weathering

rates as influenced by ice-sheet growth and decay, and

(2) organic and inorganic carbon burial as influenced

by abrupt changes in the rate of oceanic overturn

(Kump and Arthur, 1999; Kump, 1991). We keep the

formulation of feedbacks simple, as the functional

dependencies of these processes are still not well

known. Our goal is not to produce definitive climate

simulations supported by exhaustive sensitivity anal-

yses. Rather, we use the toy climate model described

below to demonstrate that first-order features of the

proxy isotope records can be generated by internal

dynamics of the global carbon cycle. Proper modeling

of the problem awaits the development of fully

coupled Earth systems models of intermediate com-

plexity with ocean–atmosphere–ice sheet–terrestrial

weathering components and capable of continuous

simulations over millions of years.
2. Model description

We used StellaR (http://www.hps.com) to model

the Eocene–Oligocene climate transition with a fixed

time step of 1 ky and the forward Euler method for

solution of the set of ordinary differential equations

that define the system. The model results are

insensitive to reductions in time step size (as must

be the case for valid model results). The model has

four modules: ice-sheet mass balance, oceanic carbon

balance, oceanic phosphate balance, and oceanic

carbon isotope balance. Each of these modules is

described below. The modules are linked by:

(1) the effect that ice-sheet size has on silicate

exposure area;

(2) temperature, which is sensitive to atmospheric

CO2 and affects ice-sheet growth and ablation

and silicate weathering rates;

(3) the limitation of organic carbon burial by

phosphate supply;
(4) the effects that variations in carbon mass balance

have on the carbon isotopic composition of

seawater; and

(5) the effect that expanding ice-sheet cover has on

high-latitude deepwater formation and thermo-

haline circulation rates (which ultimately affect

the phosphate and carbon cycles).
2.1. Climate module

Global average temperature is calculated according

to the following relationship:

global average temperature 8Cð Þ
¼ 15 8Cþ 10log pCO2=280ð Þ:

This simplified greenhouse relationship (Kasting,

1992) states that the global average temperature

increases by 10 8C for every log-unit increase in

pCO2 (partial pressure of CO2). We neglect the slight

increase in planetary albedo that would accompany

the coverage of Antarctica at polar latitudes with an

ice sheet. Atmospheric general circulation modeling,

using present-day conditions but with Antarctic and

Greenland ice sheets removed and the land isostati-

cally compensated, shows that the planetary albedo is

only reduced from ~(0.301–0.304) to ~(0.298–0.299),

including any effect of change in cloud cover. An

albedo change of 0.003 translates into a radiative

forcing of about 1 W/m2, or a global warming of

approximately 0.5 8C (D. Pollard, personal commu-

nication, 2000).

2.2. Atmosphere/ocean equilibration

Atmospheric pCO2 is calculated based on the

assumption that the ocean never strays far from

overall saturation with respect to CaCO3. Deep waters

tend to be undersaturated, and surface waters super-

saturated, but overall the modern ocean as a whole is

approximately saturated with respect to calcite (e.g.,

Broecker and Peng, 1982). An injection of carbon

dioxide would temporarily reduce saturation, but

dissolution of seafloor carbonates or enhanced weath-

ering would return the ocean to saturation on

approximately 104 year time scales (e.g., Walker and

Kasting, 1992). This equilibration can be thought of

http://www.hps.com
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as a chemical reaction involving atmospheric CO2 and

oceanic Ca2+ and HCO3
�:

Ca2þ oceanð Þ þ HCO3
� oceanð ÞZCaCO3 sedimentð Þ

þ CO2 atmosphereð Þ þ H2O

the equilibrium constant for which is determined by

substituting in modern values (Kump and Arthur,

1999). Assuming that the Ca2+ concentration of the

ocean remains constant over the interval of interest

and that bicarbonate dominates the total inorganic

carbon content of the oceans, we can calculate the

atmospheric pCO2 according to:

atmospheric pCO2

¼ 280 AatmT
X

CO2 tð Þ=
X

CO2 0ð Þ
� �0:5

where
P

CO2 (0) is the total inorganic carbon content

of the ocean (approximated as equivalent to [HCO3
�])

in the preindustrial world for which the atmospheric

pCO2 was 280 Aatm. The
P

CO2 of the ocean varies

in response to imbalances between inputs (volcanism

and organic carbon weathering) and outputs (silicate

weathering and organic carbon burial), as described

below.

2.3. Weathering feedback

Based on the recent conclusions of DeConto and

Pollard (2003), we have chosen to initiate ice-sheet

growth on Antarctica with an uplift-induced CO2

drawdown. Thus, the model is forced from its ice-free

Eocene steady state by an increase in global weath-

erability ( fweatherability), from 80% of the present

weatherability to the modern value (Kump and Arthur,

1997) over an interval of 500 ky (we investigate the

sensitivity of model results to the rapidity of this

forcing below). Ocean upwelling rate is assumed to be

sensitive to ice-sheet coverage, based on the reasoning

that the high-latitude downwelling limb of the ocean’s

thermohaline circulation will increase in intensity as

polar waters cool and become saltier as sea-ice forms.

Furthermore, the intensity of the polar easterlies

should increase as the ice-sheet grows, intensifying

regional wind stress and upwelling. The total of these

effects is very simply modeled as a reduction in

oceanic overturning rate to 90% of today’s value if the

ice-sheet coverage of Antarctica falls below 50%.
Overturning affects the supply of phosphate to surface

waters, and thus ocean productivity and organic

carbon burial (see below).

2.4. Ice-sheet module

In lieu of having a fully coupled climate/weath-

ering/ice-sheet model capable of continuous simula-

tion over millions of years, we develop a very simple

approximation to ice-sheet response to global temper-

ature variations. We specify a linear relationship

between temperature (T 8C) and net ice-sheet growth

with a maximum in accumulation at a global average

temperature of 10 8C (approximately the temperature

during Pleistocene glacial maximum conditions). Ice-

sheet size and its rate of net growth are scaled to the

modern ice-sheet size; at maximum growth, the

doubling time is 10,000 years. The rate declines

linearly to zero at 15 8C. Ablation, a function of

temperature and linearly dependent on ice-sheet size

relative to modern size, begins at 15 8C and increases

linearly to a maximum at 25 8C that again gives a

survival time of 10,000 years for the modern ice sheet.

This function satisfies the assumption that the modern

Antarctic ice sheet is stable (growth equals ablation) at

a global average temperature of 15 8C. Furthermore,

growth of ice sheets (mostly in the northern hemi-

sphere) is likely as temperature falls below 15 8C, and
diminution is likely as temperatures increase above 15

8C. Thus, our relationship specifies that net accumu-

lation reaches a maximum rate of 10% of the modern

Antarctic ice sheet per ky at 10 8C and falls to zero at

15 8C (all rates and ice-sheet sizes are scaled to the

modern day). Above 15 8C ablation dominates,

reaching a maximum value of 10% of the modern

Antarctic ice sheet lost per ky at 25 8C. The overall

ice-sheet mass balance, expressed as volume of ice

relative to today (V), is

dV

dt
ky�1
� �

¼ growth� ablation

¼ 30� 2Tð Þ
100

� T � 15ð ÞV
100

� 108C � T � 258C;

with the growth and ablation terms reset to zero if

negative in the equation above.

This represents a model sensitivity of approxi-

mately 0.7 mm/year/8C in equivalent sea-level rise, at
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the upper end of the range reported in Houghton et al.

(1996) for the Greenland ice sheet, although they

predict an increase in grounded ice volume on

Antarctica with a global warming of 1 8C from

today’s condition. The rapid growth of the Antarctic

ice sheet indicated by the Oi-1 oxygen isotope record

is here interpreted to indicate that ice sheets consid-

erably smaller than the present on Antarctica were

indeed unstable in the earliest Oligocene. Indeed, the

ice-sheet models of DeConto and Pollard (2003)

simulate rapid growth of the Antarctic ice sheet to

approximately its current size during the Oi-1 event

because of positive feedbacks not incorporated here.

2.5. Carbon cycle module

Mass balance of the carbon cycle is performed on

the total inorganic carbon content of the ocean/

atmosphere system. Inputs include volcanism (held

constant at a value of 6�1012 mol/year) and weath-

ering of fossil organic carbon in shales (sensitive to

climate and global weatherability). Outputs include

organic carbon burial (the rate of which depends on

the phosphorus cycle described below) and silicate

weathering, which depends on climate, weatherability,

and exposure area.

In the model, silicate exposure area ( fexposure)

scales linearly with ice-sheet volume, with a max-

imum increase of 10% relative to today’s exposure

with no ice cover (representing the complete exposure

of Antarctica and Greenland). In contrast, the expo-

sure area of carbonates, organic carbon, and phos-

phate sources are assumed to be independent of ice-

sheet coverage. This first-order approximation is

based on the notion that as ice sheets grow, sea level

falls, exposing shelf sediments that consist of organic-

matter-rich muds (sources of phosphate and organic

carbon) and platform carbonates. This exposure

crudely compensates for coverage at higher latitudes

(Gibbs and Kump, 1994; Kump and Alley, 1994).

Silicate minerals exposed by sea-level fall tend to be

weathering-derived, cation-poor clays (Berner, 1994),

so there is less compensation for ice-sheet coverage of

silicate lithologies.

A simplified version of the bBLAGQ (Berner et al.,
1983) approach is taken to express the climate

dependence of chemical weathering ( fclimate): weath-

ering rates are assumed to increase with the square
root of the atmospheric pCO2 relative to 280 Aatm.

This relationship is meant to express both the

temperature and net-precipitation dependencies

through the greenhouse effect of atmospheric pCO2

(e.g., Kump et al., 2000). We test the sensitivity to this

factor by performing a suite of simulations with fclimate

set to 1.0 (after Walker et al., 1981) and 2.0, a strong

feedback that severely damps the response of the

system to perturbation.

Thus, the equations for silicate, carbonate, organic

carbon and phosphate weathering are

Fw;sil ¼ 6� 1012d fclimated fweatherability

d fexposure mol C=yearð Þ

Fw;carb ¼ 40� 1012d fclimated fweatherability mol C=yearð Þ

Fw;org ¼ 10� 1012d fclimated fweatherability mol C=yearð Þ

Fw;phos ¼ 4� 1010d fclimated fweaterability mol P=yearð Þ

2.6. Phosphate module

Incorporating a phosphate cycle into the model

allows us to predict the organic carbon burial rate

and the response of the ocean’s carbon isotopic

composition to the imposed changes. In this sense,

our modeling (Kump and Arthur, 1999) is a

departure from the GEOCARB modeling of Berner

and colleagues (Berner and Kothavala, 2001) in

which carbon isotopes are treated as model input.

Mass balance for oceanic phosphate is calculated

based on inputs from rivers (Fw,phos) and output

with both organic carbon and other inorganic sinks

(e.g., Froelich et al., 1982; Ruttenberg, 1993).

Riverine input of phosphate is assumed to be

proportional to the weatherability and climate fac-

tors, but independent of the silicate exposure area

factor (see above). The inorganic phosphate sink

represents the removal of phosphate from the ocean

through adsorption onto iron oxides, incorporation

into biogenic carbonates, and early diagenetic for-

mation of carbonate fluorapatite (Froelich et al.,

1982). We assume that the rate is simply propor-

tional to the oceanic phosphate concentration (25%

of the modern sink).

Organic P removal also scales proportionately to

the oceanic phosphate concentration: biological
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productivity (actually, the flux of organic phosphorus

from the euphotic zone to the deep ocean) is

assumed to be proportional to the product of the

phosphate concentration and an oceanic upwelling

factor (circ), which is the ratio of upwelling to the

value today (Broecker and Peng, 1982). The fraction

of this settling flux of organic matter that survives

transport and early diagenesis and is buried in

sediments is assumed constant. Thus the burial rate

of organic P is

Fb;phos ¼ 3� 1010d circd
phosphate½ 	
phosphate½ 	0

mol P=yearð Þ

where 3�1010 mol P/year is the specified canonical

modern organic P burial rate and [phosphate]0 is the

modern deep-ocean phosphate concentration. This

then determines the organic C burial rate when

multiplied by a constant burial fraction and bRedfield
ratioQ of C/P. The modern burial rate is specified to

match the modern Fw,org=10�1012 mol C/year.

2.7. Carbon isotope module

The carbon isotopic composition of the ocean’s

dissolved inorganic carbon (DIC) responds to imbal-

ances in the rates and isotopic compositions of the

inputs and outputs of carbon discussed above (e.g.,

Garrels and Lerman, 1984; Kump, 1991; Kump and

Arthur, 1999; Kump and Garrels, 1986). The time-

rate-of-change of the d13C of the ocean depends on

the products of the fluxes times the difference

between their isotopic compositions and that of the

oceans, divided by the instantaneous size of the

ocean’s inorganic carbon reservoir, based on the

approach and canonical values presented in Kump

and Arthur (1999). For simplicity, we specify that

the carbon isotopic difference between the carbonate

and organic carbon fluxes from the ocean is constant

at 25x, despite the likelihood that this factor

changed during Oi-1 in response to changes in

ocean biological productivity and CO2 concentration.

We also fixed the d13C of the volcanic flux at �5x
and the d13C of the riverine input at �3.4x
reflecting the weathering of Cretaceous carbonates

(Sloan et al., 1997) that had d13C larger (~2x) than

the canonical value of 0x (which would produce a

riverine d13C N �5x).
3. Simulation results

Although we ran many suites of simulations to

explore the behavior of the model, only two are

described here (StellaR users can obtain the model

from the authors upon request). In the first suite of

simulations (bsilicate-onlyQ), we removed the organic

carbon, carbon isotope, and phosphate modules so

that we could isolate the potential effect of the ice-

sheet and silicate weathering feedback on the nature

of the Eocene–Oligocene climate transition. We also

tested the sensitivity of the model to the rapidity of the

tectonic (weatherability) forcing by applying it over 5

my instead of over 500 ky. In the second suite of

simulations these modules (the bfull modelQ) were

restored to explore the behavior of the more complex

(and arguably more realistic) couplings with ocean

circulation, biological productivity, and carbon burial,

and to allow prediction of the carbon isotopic

response. In addition, we explored the sensitivity of

the model to the climate-weathering formulation using

this more complete model.

In all cases, the simulations begin with an Eocene

steady state, characterized by ice-free conditions (so

the d18O of the ocean is �1x), slightly elevated

atmospheric pCO2 (354 Aatm for the standard runs)

and a slightly warmer global average temperature (16

8C) compared to pre-industrial times. These condi-

tions are the combined result of the specified

increased exposure area (because of the lack of ice

sheets on Antarctica) but reduced weatherability of

silicate rocks and unchanging volcanic input rate. The

reduction in weatherability (20%) exceeds the

increase in exposure area (11%); under such con-

ditions, the climate must warm to achieve balance

between CO2 input (volcanism) and output (silicate

weathering) (Kump and Arthur, 1997). This atmos-

pheric CO2 level is lower than most proxies indicate

for the Eocene (Royer et al., 2001). Higher initial CO2

levels can be achieved with our simple model by

prescribing higher rates of volcanic input or smaller

global land areas. They require larger increases in

weatherability to initiate the growth of Antarctic ice

sheets, but the same essential behavior is observed

(results not shown).

The model is displaced from this steady state by an

increase in weatherability that begins at 3500 ky into

the simulation, and for all but the forcing sensitivity
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analysis reaches the new value (25% higher) 500 ky

later. For the forcing sensitivity analysis the increase

in weatherability reaches its final value 5000 ky (5

my) later.

3.1. Ice sheet–silicate weathering feedback

The initial response to this abrupt change in

weatherability in the silicate-only model is an

imbalance in CO2 source and sink, and thus an

immediate drawdown of atmospheric pCO2 (Fig.

2A). If there were no ice-sheet response, the

atmospheric pCO2 and global temperature would

continue to plummet to ~227 Aatm and 14 8C,
respectively (i.e., slightly colder than today; results

not shown). Instead, once the threshold temperature
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atmospheric pCO2 to reverse its downward trend

and rise rapidly, eventually overshooting its steady-

state value. These out-of-phase overshoots and

undershoots continue for the next 2000 ky or so,

but are increasingly damped because both feedbacks

are negative.

The system eventually achieves a new steady state

by about 10,000 ky. The new conditions are colder

than the Eocene steady state, but only slightly so (~0.8

8C), because of the reduced atmospheric pCO2.

However, they are warmer than we would have

predicted from the increase in weatherability alone,

because of the compensating effect of ice-sheet

coverage of silicate weathering terrains.

The predicted oxygen isotopic response of the

ocean is compared to the observed record in Fig. 3.

The model result matches observation quite well, both

in magnitude and rate of excursion, although the

model generates a larger overshoot. The next 1000 ky

of recovery from overshoot is also reflected in the

model result, but after that point the model’s

oscillations seem to have a longer period than the

observed fluctuations so that the two end up being out

of phase.

Also shown in Fig. 3 is the isotopic response

predicted by the silicate-only model when the same

forcing is applied more gradually (from 3500 to 8500
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temperature and biological bvital effectsQ).
ky). Note that the onset of the excursion is delayed,

because it takes longer for the pCO2 drawdown to

reach the critical threshold, and the extent of over-

shoot is severely damped.

Thus, the dynamics of the ice-sheet–silicate weath-

ering feedback creates a response in the model that

mimics the behavior of the natural system, as

interpreted from the oxygen isotope record. We

suspect, however, that other factors were involved in

the Eocene–Oligocene transition. One of these is a

disturbance in the global carbon cycle as reflected in

the carbon isotopic composition of planktonic and

benthic foraminifera (Fig. 1). In the next section we

investigate how changes in the carbon cycle might

have influenced the ice-sheet responses just described.

3.2. Incorporating organic carbon cycling

The second suite of simulations incorporates the

phosphate and carbon isotope modules and a more

complete oceanic carbon cycle involving organic

carbon weathering and burial, but is subjected to the

same forcing. The first 700 ky of model response to

increased weatherability is identical to that of the

previous simulation (Fig. 2A), with atmospheric

pCO2 and temperature falling and ice-sheet growth

initiating as the 15 8C threshold is passed (Fig. 4A).
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As the ice-sheet grows past 50% coverage of

Antarctica (Fig. 4B), however, the thermohaline

circulation intensifies (Fig. 4C). This switch, which

occurs at ~4500 ky into the simulation, causes

increased upwelling of phosphate and thus an increase
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tionate decrease in oceanic phosphate concentration

(Broecker and Peng, 1982). The transient effect is to

amplify the atmospheric pCO2 drawdown and over-

shoot, driving the system further from steady state

with larger ice sheets than in the previous simulation

(as reflected in d18O; Fig. 5A), so that the comple-

mentary climate overshoot is also larger. Moreover,

the new steady-state ice-sheet size is larger than that in

the silicate-only model. The overall magnitude of the

Eocene–Oligocene d13C excursion is well predicted,
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The sensitivity of the full model to uncertainty in

the strength of the climate-weathering feedback is

shown in Fig. 6. Three runs are shown, one identical

to that which generated Fig. 5a, with the exponent in

the feedback equal to 0.5, and two others, with the

exponent equal to 1 and 2. The magnitude of the

overshoot is progressively damped as the exponent is

increased, as is the magnitude of the subsequent
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oscillations. Clearly the larger exponents damp the

sensitivity of the system to perturbation.
4. Discussion

Our model simulations of the early Oligocene

glaciation indicate that biogeochemical feedbacks

have the potential to influence climate in a way that

is consistent with observation. Of the two major

feedbacks tested, the effects of the silicate weathering

feedback were most pronounced in scale and duration.

As a negative feedback with a long time constant, the

weathering feedback creates an oscillating response in

climate as the system attempts to restore a balance

between CO2 sources and sinks. In this case, the

apparent overshoot is produced not because of a

positive feedback, but because of a phase lag in a

negative feedback in restoring equilibrium. This

introduces a damped oscillation that takes several

million years to dissipate.

The speed with which the forcing is applied affects

the model results. When applied relatively quickly,

over 500 ky, the tectonic forcing of continental

weatherability causes a large overshoot in the system,

as recorded in d18O, but when applied gradually, the

onset of the ice-sheet response is delayed, and the
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overshoot is damped (Fig. 3). An even more gradual

imposition of the forcing would produce a smooth

quasi-steady-state response to the forcing. Apparently

the Oi-1 overshoot resulted from a relatively rapid

change in forcing (e.g., CO2 drawdown). Ongoing

studies using CO2 proxies may soon provide con-

firmation or refutation of this hypothesis (M. Pagani,

personal communication).

Note the reduction in d13C prior to the positive

excursion in Fig. 5B. This feature also appears in the

model, and is created by the increased input of riverine

carbon that has a d13C which is several per mil lower

than the contemporaneous ocean. The riverine flux

also contains phosphate, though, so the organic carbon

burial rate increases, and this reverses the negative

trend in d13C, driving the ocean toward enriched

values relative to the initial state. The excursion, both

in the model and in the data, has a double peak,

although the magnitudes of the two peaks do not match

in this comparison. In the model, the first peak is the

result of the overshoot described above; the second

peak is driven by the invigoration of ocean thermoha-

line circulation. The correspondence of this pattern to

the data, however, may well be fortuitous. In the later

stages of the simulation, and to some extent in the data,

d13C oscillates about a value that, in the model,

represents the new steady state. However, this new
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steady state is slightly more enriched in 13C than is the

observation from the early Oligocene. This mismatch

is consistent with the mismatch in the oxygen isotopes,

and perhaps indicates that we are over predicting the

new organic carbon burial rate, and thus the new ice-

sheet size. In other words, if we could better match the

carbon constraint, we would better match the oxygen

isotope curve. A simple interpretation could be that

rather than remaining in its more vigorous state, the

ocean’s thermohaline circulation returned to its orig-

inal more sluggish mode.

The rate of organic carbon burial at the new steady

state is about 25% larger than before the perturbation,

and thus the sink for atmospheric pCO2 associated

with organic carbon burial is also larger. To compen-

sate, the ice-sheet continues to grow, covering a larger

area of silicate weathering, until the reduction of

silicate weathering compensates for the increase in

organic carbon burial. Thus, the predicted d18O for

the Early Oligocene in our full model is considerably

heavier than observation, and the amplitude of

oscillations is also larger. In terms of rates, the initial

pattern of climate change with a ~400 ky transient as

expressed in the d18O nicely matches the pattern

produced in the silicate weathering feedback simu-

lation. However, the scale of variability and the period

of subsequent oscillations do not match.

There are several potential sources for the mis-

matches in scale and periodicity. One that we have

explored in our sensitivity analysis is the strength of

the climate-weathering feedback. When the larger

exponents (1 and 2) are used in this relationship the

amplitude of the overshoot are diminished, and the

simulations more closely match the d18O data, except

that the oscillations from the feedbacks are dimin-

ished. The low frequency oscillations in observed

d13C and, to a lesser extent in d18O, appear to be

orbitally paced, though. At both sites 522 and 744,

despite the coarse age control, the cycles appear to

have a dominant period of roughly ~400 ky (Diester-

Haass and Zahn, 1996; Zachos et al., 1996), similar to

that of the long eccentricity cycles. That they are

indeed being paced by orbital forcing is supported by

the dominance of the 400 ky cycle in marine

sequences for most of late Paleogene and early

Neogene (Zachos et al., 2001a,b; Diester-Haass and

Zahn, 1996; Flower, 1995). Perhaps, then, we should

not expect the model presented here to match the
period of the oscillations in the record; the more

damped simulations (with larger weathering feedback

exponents) may be preferred. The feedback they

represent creates the overshoot of the system, but is

strongly damped, allowing Milankovitch periodicities

to dominate later in the event.

Another factor leading to mismatches between

model results and data is the decidedly simplistic

algorithm used to scale ice-sheet growth and ablation

to temperature. Other climate factors that might

influence ice volume, such as local rather than global

temperature changes and patterns/intensity of precip-

itation, are not included in this formulation. The

model also does not limit where ice-sheets can grow.

For example, the much larger response in ice volume

in our model occurs because we do not limit the size

of the ice sheet; in effect, we allow ice to form on

northern-hemisphere continents. Because there is no

evidence for northern-hemisphere glaciation prior to

the late Miocene, this alone would account for most of

the simulation-observation offset in the oxygen

isotope record. If we were to limit ice-growth to

Antarctica, this would set an upper limit to ice volume

that is more consistent with the d18O record. An

alternative explanation for the bclippingQ of the d18O
record relative to our model simulations (e.g., Figs. 3

and 6a) is that ice-sheet growth continued, but

bottom-water temperatures warmed, a conclusion

consistent with our model temperatures and Mg/Ca

paleotemperature proxies (Lear et al., 2000). The

recent modeling of Oerlemans (2004), which provides

internally consistent estimates of cooling and ice-sheet

size, requires a cooling during the initiation of Oi-1.

However, it too requires warming during the latter

stages of Oi-1 (i.e., the reversal in d18O is not just

diminution of ice volume).

As discussed earlier, the primary incentive for

focusing on a carbon cycle feedback was provided in

part by the Oi-1 positive carbon isotope excursion.

The silicate weathering feedback, coupled with the

phosphate cycle, produces a positive excursion but

with a phase relationship to climate that is different

from that observed in sediment records. This suggests

that the silicate weathering mechanism alone cannot

be responsible for the observed d13C excursion. The

short lag in d13C relative to d18O (b20 ky) implies a

fast response time. The carbon excursion produced

from increased organic carbon burial, on the other
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hand, has the correct phase relationship, but is only

sustained for a short duration (~100 ky).

One aspect of early Oligocene sedimentation not

simulated by our model but with the potential to act as

a feedback is the sharp increase in opal production

and accumulation. Increased opal production at the

expense of carbonate production would contribute to

the overall rise in the marine Corg/Ccarb burial ratio.

This would allow the [CO3
2�] to increase and oceanic

pCO2 to decline (Archer and Maier-Reimer, 1994), a

change that is prevented in the model by the constant

saturation state. Locally, in those areas of higher

vertical organic carbon flux, carbonate dissolution

would increase as well. In order to maintain a balance

in ocean alkalinity, the global CCD would deepen,

particularly in the oligotrophic portions of the ocean.

This may be one of the processes that contributed to

the global deepening of the lysocline and the CCD

documented for the Oligocene (Van Andel, 1975). An

additional cause of CCD deepening could be the loss

of shallow-water depositional space on newly exposed

tropical shelves (e.g., Kump and Arthur, 1997; Walker

and Opdyke, 1995).

An interesting implication of our study concerns the

triggering mechanism for the growth of ice-sheets. We

assumed that a tectonically driven reduction in

atmospheric CO2 was responsible for triggering this

event. This is supported by the recent, albeit con-

troversial, attempts to reconstruct Cenozoic pCO2

(Pearson and Palmer, 2000). However, if a tectonically

controlled shift in ocean circulation lowered Antarctic

temperature and initiated ice-sheet growth as previ-

ously proposed (Kennett, 1977), then our model

predicts that expanded ice-sheet coverage would have

temporarily reduced silicate weathering rates to below

the volcanic input rate, and atmospheric pCO2 would

have risen until enhance weathering elsewhere in the

world restored the balance (results not shown). Thus,

detailed investigations of the proxy record of the

atmospheric pCO2 changes across the Eocene–Oligo-

cene transition may ultimately resolve the question of

what triggered the glaciation of Antarctica.
5. Summary

The potential for clear expression of biogeochem-

ical feedbacks is greatest when the global climate
system is undergoing a major reorganization from one

mode to another. The early Oligocene cooling and

onset of Antarctic glaciation represents one such

reorganization for which we have examined two of

the larger potential sources of climate-sensitive feed-

backs, silicate weathering and the ocean carbon cycle.

Through modeling of the most basic responses, we

have found that both processes are capable of

generating feedbacks, but with differing effects in

terms of rate and signal amplitude. The Oi-1 over-

shoot appears to require that the trigger for ice-sheet

growth, a drop in atmospheric pCO2, occurred rapidly

at about 34 million years ago. The silicate weathering

feedback is strongest, and creates an oscillating effect

on climate and ocean chemistry that persists for

several million years, and broadly mimics the

observed behavior of the system. The marine carbon

burial feedback is short-lived in terms of its impact on

climate, but is required to generate the carbon isotopic

response characteristic of this transition. Its incorpo-

ration, however, generates an ice volume effect that

appears to be too large, perhaps indicating that the

invigoration of thermohaline circulation that we

model, and that is required to effect the excursion,

was of short duration (i.e., its vigor was reduced as

Oi-1 ended) or the strength of the climate-weathering

feedback was stronger than typically assumed.

The simple modeling we have presented here has

highlighted some features of the climate system that

have not been well studied using more complicated

models. Future modeling efforts should be focused on

bridging the gap between global box models of the

carbon cycle appropriate for multimillennial time

scales and general circulation models for which

multimillennial calculations are infeasible. Earth

system models of intermediate complexity (Rial et

al., 2004) hold great promise in this regard.
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