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A coupled set of models is used to explore the possibility of long-term internal cycles in the CO2–climate–
weathering–Antarctic Ice Sheet system. Cycles of this type were found in an earlier study with 0-D box models,
and proposed to explain the quasi-periodic oscillations in benthic deep-sea-core records during the Eocene–
Oligocene Transition ~34 Ma. Here the system is extended using a 3-D Global Climate Model, a 3-D Antarctic
ice-sheet model, and two previously published spatially distributed parameterizations of CO2 consumption by
silicate weathering. In 6-million year long simulations across an idealized Eocene–Oligocene Transition, no inter-
nal cycles are found, and the coupled system just relaxes from the initial state to the final state, with at most one
overdamped half-cycle. The absence of cycles is presumably due to features in this 3-Dmodel system that are ab-
sent in the 0-Dmodels: powerful Height Mass-Balance Feedback producing strong ice-sheet expansion after ini-
tial growth, and hysteresis in ice-sheet response to climate that damps retreat due to moderate warming.
With one of the weathering parameterizations, the models indicate a region of negative slope in the relation be-
tween CO2 level and globalweathering consumption, occurring in the range ~0.2 to 1.5x PAL (preindustrial atmo-
spheric level). This contrasts with the monotonically increasing relation usually assumed. If confirmed, it would
have serious consequences for the well-known CO2-weathering thermostat mechanism, at least for CO2 levels
below ~1.5x PAL.

© 2013 Elsevier B.V. All rights reserved.

1. Introduction

Benthic deep-sea-core δ18O records show quasi-periodic to periodic
fluctuations for several million years immediately following the major
Antarctic ice-sheet growth at the Eocene–Oligocene Transition (EOT)
~34 Ma, with amplitudes roughly 25% that of the full EOT, and periods
of ~1 Myr (Fig. 1) (Zachos et al., 1996; Coxall et al., 2005). Assuming a
quasi-periodic nature, Zachos and Kump (2005) initially modeled
these as internal cycles of the climate system acting as a damped oscil-
lator. They included feedbacks between atmospheric CO2 concentration,
global silicate weathering rate, and extent of Antarctic glaciation, with
greater ice cover reducing the land area available for weathering.
Using zero-dimensional (0-D) boxmodels and relatively simple param-
eterizations of these processes, and in some cases also including oceanic
phosphate chemistry and carbon isotopes, they were able to simulate
internal cycles corresponding reasonably well with those implied by
the δ18O records (Fig. 1). In particular, theywere able to simulate the ex-
treme character of the initial phase of early Oligocene glaciation, Oi-1.

The possibility of such a feedback, at least during Oi-1, is further sup-
ported by new boron isotope based reconstructions of pCO2 across the
EOT, which suggest a transient rise following the initial onset of Antarc-
tic glaciation (Pearson et al., 2009).

Several other studies have used 3-D climate models to investigate
interactions between weathering, CO2 and climate, in longer-term con-
texts involving changing continental configurations during theMesozo-
ic (Donnadieu et al., 2006; Godderis et al., 2008), following earlier work
by Gibbs et al. (1999). Lear et al. (2004) discussed Antarctic glacial-
weathering feedbacks much like those here during the EOT and also
Mi-1 (~23Ma). Variations in weathering associated with more recent
Northern Hemispheric glaciation have been studied by Gibbs and
Kump(1994), Blumand Erel (1995) and others. However, to our knowl-
edge Zachos and Kump's model is the only one to date that simulates
self-sustained cycles of this type, internal to the climate system. It
would be of considerable interest if such internal cycles are a robust fea-
ture of the real world, occurring not only following the EOT but also at
other times in Earth's history.

The primary aim of this paper is to extend Zachos and Kump's 0-D
approach, and to test their findings using 3-D models of global climate
and the Antarctic Ice Sheet, and spatially distributed parameterizations
of silicate weathering. The coupled models described below are applied
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to a several million-year period spanning the EOT, in efforts to produce
self-sustained internal cycles following themajor transition. The prima-
ry result of the paper is negative— internal cycles do not occur in this 3-
D model system. This is mainly due to hysteresis in the response of ice-
sheets to temperature change in our 3D model; once ice sheets are
established, Antarctic temperatures (and thus global temperatures)
must rise substantially above the initial glaciation threshold for substan-
tial ice-sheet retreat to occur.

In efforts to further understand the model behavior, the system is
used to test the relationship between global weathering and atmo-
spheric CO2 level. This has been assumed to bemonotonically increasing
in many previous studies, including those proposing the well-known
CO2-weathering “thermostat” feedback (Walker et al., 1981; Berner
et al., 1983 and numerous subsequent studies). In contrast, we find
that in the CO2 range between ~0.2 and 1.5x PAL (preindustrial atmo-
spheric level, 1 PAL = 280 parts per million by volume, ppmv), global
weathering decreases with increasing CO2, at least for one of the
weathering parameterizations used here. As discussed below, this
would have serious consequences not only for the viability of internal
cycles, but also for the functioning of the weathering thermostat at
low CO2 levels.

2. Model descriptions

The coupled models and their interactions are shown schematically
in Fig. 2. There are two prognostic model components (i.e., with long-
term rates of change): atmospheric CO2 amount, and the Antarctic
Ice Sheet (AIS). The AIS model is run continuously through several
106 years, and at regular intervals of 100 years, the global climate is up-
dated depending on the current AIS size and CO2 level. Global climate
excluding Antarctica is obtained by a look-up matrix of previous Global
Climate Model (GCM) snapshots (see Section 2.2). For the Antarctic
continent, climate can optionally be obtained in the same way, or by
simple parameterizations for temperature and precipitation described
below. For the Antarctic, a separate soil model is used to calculate run-
off; outside of Antarctica, runoff from the GCM look-up table is used.
Given global maps of temperature and runoff, published parameter-
izations are used to deduce maps of CO2 consumption by silicate
weathering. The difference between global mean consumption and a
prescribed volcanic CO2 outgassing rate is used to drive the long-term
variation of atmospheric CO2.

2.1. Antarctic ice sheet model

Changes in Antarctic ice distribution are simulated by a 3-D dynamic
ice-sheet model (DeConto and Pollard, 2003a,b; Pollard and DeConto,
2009, 2012). This predicts ice thicknesses on a 40 km grid over
Antarctica, responding to surface snowfall minus melt, basal melting,
and slow deformation of the ice flowing under its own weight. Ice tem-
peratures are tracked mainly for their influence on basal sliding and on
internal deformation, and a separate Earth component solves for de-
pression and rebound of bed elevations below the ice load. In this appli-
cation, the Eocene–Oligocene ocean is assumed to be toowarm to allow
any floating ice shelves, and ice is only allowed to grow on land above
sea level (as in DeConto and Pollard, 2003a,b). A new reconstruc-
tion of ice-free bedrock topography for the earliest Oligocene is used
(Wilson and Luyendyk, 2009; Wilson et al., 2012), in which much of
West Antarctica is higher than today; this provides considerably more
subaerial land area on which to accommodate ice than using modern-
based topography. To illustrate the output of the ice-sheetmodel, sever-
al distributions of Antarctic ice selected at different times in the runs

Fig. 1. Benthic δ18O record (solid line) and “full-model” δ18O (dashed line) from Zachos
and Kump (2005; their Fig. 5a). The benthic δ18O record is from ODP Site 744, Indian
Ocean (Salamy and Zachos, 1999; Zachos et al., 1996).

Fig. 2. Schematic diagram of models and quantities passed between them (see text).
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below are shown in Fig. 3, ranging from smaller ice cover on the major
mountain ranges to a full continental ice sheet.

Previous studies have shown that there is strong hysteresis in the
non-linear relationship between climate and Antarctic ice-sheet size,
due to a combination of Height Mass-Balance (HMBF) and albedo feed-
backs (Huybrechts, 1993; Oerlemans, 2002; Pollard and DeConto, 2005,
2007; DeConto et al., 2008; Huybrechts et al., 2011). HMBF is due to
more and more of the ice-sheet surface rising above the snowline and
experiencing no melt as the ice sheet expands, and albedo feedback is
due to the brighter ice reflecting more sunlight than the bare ground
or vegetation it covers. Because of these feedbacks, once a full continen-
tal ice sheet has formed, CO2 needs to rise and climate needs towarm to
much higher levels before significant retreat of grounded ice occurs
(apart from relatively smallmarine sectors that are vulnerable to ocean-
ic melting, such as most of the modern West Antarctic Ice Sheet). The
degree of hysteresis, i.e., the level of warming needed to induce major
retreat, is debated and not well constrained; also, it depends on details
of the climate over Antarctica, such as the lapse rate and slope of tem-
perature vs. latitude for no ice vs. full ice cover (Pollard and DeConto,
2010). To bracket this uncertainty, in this studywehave used 2 different
methods for specifying the climate over Antarctica, as described below:
(i) using a matrix of previous GCM “snapshots” as a look-up table, and
(ii) using simple parameterizations of air temperature and precipitation
vs. latitude and height, which can be adjusted to produce a range of hys-
teresis. The choice has little influence on the overall conclusions of the
paper; even with weak hysteresis, no internal cycles are found.

The runs shown below use parameterized Antarctic climate to drive
the ice model, as follows:

Ta ¼ −5 þ 0:1 90− φj jð Þ − :007hs − 8 f α þ 6 log rcð Þ= log 2ð Þ ð1Þ

where Ta is annualmean air temperature (°C),ϕ is latitude (°S), hs is sur-
face elevation (m), rc is atmospheric CO2 level in PAL, and fa is an ice
albedo factor between 0 and 1. In previous applications, we have set
fa simply proportional to total ice area (as in the GCMmatrix weighting
described below), but this implies for instance that the growth of a small
ice cap cools the climate equally over the whole domain, and leads to
suspiciously strong hysteresis. Instead, fa is calculated separately for
each point depending on regional ice cover. It is equal to the total influ-
ence of nearby ice cover weighted by e−(L/50) where L is distance from
the point (km), and is scaled so that fa = 1 if the point is surrounded
by widespread ice.

Precipitation is a function of temperature, based roughly on the
Clausius–Clapeyron relation between saturation water vapor pressure
and temperature:

Pa ¼ 0:82 Ta−Tmð Þ=10 ð2Þ

where Pa is precipitation (m a−1 ice equivalent), and Tm is the melt
point (0 °C). A sinusoidal seasonal cycle of air temperature is assumed
with peak-to-peak amplitude of 30 °C. Precipitation is assumed to be
uniform throughout the year, but each month it falls as rain or snow
depending on whether the monthly temperature is above or below
freezing. These parameterizations and the magnitudes of the coeffi-
cients are similar to those used in previous Antarctic ice-sheet studies
(Huybrechts, 1998, 2002; Ritz et al., 2001), and are consistent with
offline GCM sensitivity tests (not shown).

For simplicity, the long-term simulations shown below do not in-
clude orbital variations. In other runs (not shown) these were included
both in the GCMmatrix and in the simple Antarctic climate parameter-
izations; they have the effect of introducing high-frequency but low-
amplitude variations of ice volume at the main orbital periodicities

Fig. 3. Selected Antarctic ice-sheetmodel states at various points in long-term runs, showing ice surface elevations (meters above sea level). Panels (a) and (b) show early growth, and are
not equilibrium states. Panels (c) and (d) show fully grown equilibrated ice sheets. In (c), surfacemelting near themargins prevents expansion to the coastline inmost East Antarctic sec-
tors. In (d) with a colder climate and little surface melt, the ice reaches the coast in most sectors. Due to higher bedrock elevations inWest Antarctica in the early-Oligocene topographic
reconstruction used (Wilson and Luyendyk, 2009; Wilson et al., 2012), there is greater volume of West Antarctic ice in (c) and (d) than in previous studies (see text).
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(~20 kyr and ~40 kyr) as shown in Pollard and DeConto (2005). How-
ever, they do not cause any major changes or produce any internal cy-
cles in the results shown below.

2.2. Matrix of Global Climate Model solutions

Running a full global climate model continuously for several
106 years would take a prohibitive amount of time, so climates are ob-
tained from a previous set of GCM solutions. A total of 12 previous cli-
mate solutions are stored, with specified combinations of CO2 levels
(0.2, 1, 2 and 4x PAL) and Antarctic ice-sheet sizes (no ice, mid-sized
with ice caps on mountain ranges, and full continental ice), forming a
look-up table or “matrix” of climate snapshots. At any point in a long-
term run of the coupled system, the current values of log(CO2) and
ice-sheet area are used to bilinearly interpolate the climates of the 4
surrounding GCM matrix solutions. Pros and cons of this method are
discussed in Pollard (2010).

The GENESIS version 3 GCM is used with a 50-m slab ocean
(Thompson and Pollard, 1997; Kump and Pollard, 2008), and with
solar and thermal radiation as in CCM3 (Kiehl et al., 1998). Each GCM
snapshot is run for 30 years to spin up the slab ocean, and results are av-
eraged over the last 10 years of the run to reduce interannual variability.
Appropriate global land–oceanmaps, topography, and other prescribed
conditions for the early Oligocene are prescribed as in DeConto and
Pollard (2003a,b); the land–ocean geography can be seen in Fig. 10. Or-
bital elements are set to an “average” orbit, with obliquity = 24.5° close
to itsmean value and eccentricity = 0 so that the choice of precession is
immaterial. Horizontal resolutions are spectral T31 (~3.75°) for the at-
mosphere, and 2 × 2° for surface modules. Global maps of monthly
surface-air temperature, precipitation, and runoff are saved, which are
interpolatedwithin thematrix as described above. GCMrunoff and tem-
perature are passed to the weathering parameterization directly for all
non-Antarctic land. For Antarctica, GCM temperature and precipitation
are passed to the ice-sheet model, and to the soil-runoff model for ice-
free points; they are downscaled to the finer Antarctic ice-model grid
using bilinear interpolation, and lapse-rate corrections to the ice surface
in the vertical. The ice-sheet model uses their monthly values to calcu-
late annual mean surface mass balance, using a Positive-Degree-Day
scheme for melt and refreezing (Pollard and DeConto, 2012).

2.3. Soil-runoff model

The spatially distributed weathering parameterizations (see next
section) require inputs of annual mean temperature and surface runoff
over land. On the ice-free regions of the Antarctic continent, runoff is
calculated on the relatively fine (40 km) ice-model grid to better resolve
the changing areas of ice cover. To do this a one-layer soil moisture
model (Huang et al. 1996) is applied at each ice-grid cell, driven by
monthly air temperature and precipitation downscaled from the GCM
solutions as described above. Huang et al.'s model includes surface run-
off, baseflow, and groundwater loss, treats potential evaporation follow-
ing Thornthwaite (1948), and is calibrated and validated using modern
US data. For land outside Antarctica, runoff is provided directly from the
GCM solutions as above (the GCM includes multi-layer models of snow
cover, vegetation and upper 4 m of soil).

2.4. CO2 consumption by silicate weathering

Donnadieu et al. (2006) andGodderis et al. (2008) have investigated
global-scale interactions between climate, CO2 and weathering, using
spatially distributed models. They use two different parameterizations
of silicateweathering rates and CO2 consumption, as functions of annual
temperatures and runoff. In this study we use both parameterizations,
and results are compared below.

The simpler of the two is from Donnadieu et al. (2006), their Eq. (1)
for granitic lithologies, taken from Oliva et al. (2003):

Fsw ¼ Sw k R exp
Ea
Rg

 !
1
T
− 1

To

� �" #
ð3Þ

where Fsw is atmospheric CO2 consumption flux due to granitic
weathering (mol m−2 a−1), k is a scaling constant = 0.0143, Rg is the
perfect gas constant = 8.314 J mol−1 K−1, Ea is the apparent activation
energy of 48,200 J/mol, R is mean annual runoff (mm day−1), T is sur-
face air temperature (K), and To = 273.16 K. Sw is anO(1) “weatherabil-
ity” factor with nominal value 1, used to explore the effects on long-
term results below. As described above, this equation is applied at
each ice-free land grid point on the model grids, multiplied by the
area of each grid cell, and the global sum of CO2 consumption rate
(mol CO2 a−1) is used in the long-term variation of atmospheric CO2

(next section).
The second weathering parameterization defines 5 climatic zones,

each with a different constant Kw relating runoff to CO2 consumption:

Fsw ¼ Sw Kw R ð4Þ

where Fsw is CO2 consumption through silicate weathering
(mol m−2 a−1), and R is mean annual runoff (m a−1). As in (3), Sw
is an O(1) weatherability factor varied between experiments below,
and is the same for all zones. As described in Godderis et al. (2008)
and shown in Table 1, the definitions of the climatic zones are sim-
plified from the chart of Koppen, and the Kw values are obtained
from linear correlations between runoff and silicate weathering of
large watersheds (Gaillardet et al., 1999).

2.5. Atmospheric CO2 concentration

The long-term variation of atmospheric CO2 is described by a simple
one-box equation for the total mass of CO2 in the atmosphere and ocean
combined (M, mol), plus a relationship between M and the current
atmospheric CO2 concentration (rc, in dimensionless PAL units of
ppmv/280):

dM
dt

¼ V−
X

Fswda ð5aÞ

M ¼ Do
ffiffiffiffi
rc

p þ Da rc: ð5bÞ

Eq. (5a) is stepped forward in time giving the updated value of M,
and then (5b) is solved for the updated value of rc. In (5a), V is global
volcanic outgassing of CO2 (mol a−1), and Fsw is CO2 consumption by sil-
icate weathering from Eq. (3) or (4) (mol m−2 a−1), weighted by grid
cell area (da, m2) and summed over all ice-free land cells.

In (5b), Da =6.0 × 1016 mol is the global amount of CO2 in the pre-
industrial atmosphere when rc =1, and similarly Do = 3.8 × 1018 mol
is the global amount in the ocean (mainly deep ocean) when rc =1
(Berner et al., 1983; Harte, 1988, Ch. III.A.4). As shown by Kump and
Arthur (1997) and utilized by Zachos andKump (2005; note that the ex-
ponent in their equation in Section 2.2 of that paper should be 2, not

Table 1
Definitions of the 5 climatic zones in the weathering parameterization of Godderis et al.
(2008), and their runoff:weathering coefficients Kw used in Eq. (4). T is mean annual air
temperature (°C) and R is annual runoff (m a−1).

A Warm humid T N 21 and R N 0.2 Kw =0.0497
B Warm arid T N 21 and R b 0.2 Kw =0.6877
C Mild temperate 10 b T b 21 Kw =0.2703
D Cold temperate −10 b T b 10 Kw =0.1027
E Polar T b −10 Kw =0 (no weathering)
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0.5), if the ocean is assumed to remain near saturation with respect to
calcite and equilibrated with the atmospheric CO2, changes in total C
in the ocean system driven by imbalances between organic C
weathering and volcanic inputs and silicate weathering and organic C
burial outputs are approximately reflected by a quadratic change in at-
mospheric CO2; hence the square root dependence in the ocean term in
Eq. (5b). Note that Do ≫ Da, so oceanic storage dominates over atmo-
spheric, and causes the relaxation timescale for rc to be relatively long,
O(106) years (see Appendix A). Variations in organic carbonweathering
(CO2 input) and organic carbon burial (CO2 sink) are neglected here for
reasons of simplicity.

3. Experimental design

Prior to the long-term experiments, climate and runoff-weathering
simulationswere runwith atmospheric CO2 fixed at 1x PAL, no Antarctic
ice, Donnadieu et al. (2006)'s weathering and weatherability factor
Sw = 1. The global integral of weathering consumption of CO2

(∑ Fswda) was calculated, and found to be 4.4 × 1012 mol a−1. In all
long-term simulations described below, the volcanic outgassing rate V
in Eq. (5a) is set equal to that value, so that CO2 would trend to and
then remain at 1x PAL (or approximately that value for other Sw values
or the other weathering parameterization), in the absence of any other
changes, when using Donnadieu et al. (2006)'sweathering formulation.
As we show below, Godderis et al. (2008)'s weathering formulation
leads to multiple stable equilibria, so the final steady states depend on
the initial perturbation.

Each long-term simulation is initialized with no Antarctic ice and at-
mospheric CO2 = 4x PAL. Initially elevated atmospheric CO2 can be
thought of as being consistent with lower weatherability or higher vol-
canic outgassing in the Eocene prior to the Eocene–Oligocene Transition
(EOT) at ~34 Ma.We could have started the experiments 10s ofmillions
of years earlier with specified V or Sw versus time, but therewould be no
change to the results shown below as long as V or Sw were adjusted so
that CO2 = 4x PAL just prior to the step-function drop at 35 Ma.

With the value of V set as described above, weathering consumption
initially exceeds volcanic outgassing, and CO2 levels start to decrease.
The overall transition to low CO2 and large ice representing the EOT in
all experiments is due to the chosen value of V. Within that structure,
smaller changes in the rate of drawdown of CO2 are explored by setting
the silicateweatherability factor Sw in Eq. (3) or (4) to a value somewhat
different from 1 (0.7 to 1.4). These adjustments to Sw are nearly equiv-
alent to picking different volcanic outgassing rates V, but also change
the time scale of CO2-weathering relaxation slightly (see Appendix A).

4. Results: long-term simulations

4.1. Donnadieu et al. (2006)'s weathering

Fig. 4 shows variations of atmospheric CO2 (thin lines) and Antarctic
ice volume (thick lines) in long-term simulations, using theweathering
parameterization of Donnadieu et al. (Eq. (3)). Each pair of thick and
thin curves shows a runwith a different silicateweathering factor, rang-
ing from Sw = 0.7 to 1.4. Each experiment is run for 6 Myr, after which
time both CO2 and ice volumes have relaxed to steady post-EOT values.

In all simulations, CO2 initially declines from the starting value of 4x
PAL as explained above, and the climate cools. For the smallestweather-
ability factor Sw =0.7, CO2 drops only to 3.2x PAL, which is above the
threshold for ice formation and Antarctica remains ice free (DeConto
et al., 2008). For all larger weatherability factors (≥0.8), CO2 drops to
~2.4x PAL or less, triggering growth of a large Antarctic ice sheet limited
only by the continental coastlines. The growth is relatively rapid due to
Height Mass-Balance (HMBF) and ice–albedo feedbacks (Section 2.1).

The largest Antarctic ice volumes are reachedwith Sw = 0.9, 1.0 and
1.1, for which CO2 declines to values in the range ~0.7 to 1.6x PAL
(green, blue and yellow curves). For the next smallest Sw (0.8), the

slightly warmer climates cause somemelting around the ice-sheetmar-
gins that slightly limits the ice extent in some sectors and lowers the
volume; for larger Sw (1.2 and above), the colder climates produce no
surface melting at all, but snowfall rates in the colder air are consider-
ably reduced over the high Antarctic interior Eq. (2), thinning the cen-
tral bulk of the ice sheet.

However, in all simulations there is no sign of any internal oscilla-
tions of the type found in Zachos and Kump (2005). The main reason
is ice-sheet hysteresis, described above. The simulations consist of
slow million-year trends in atmospheric CO2 with ice volume trailing
in near equilibrium. There are no overshoots of both ice and CO2 that
would be needed for oscillatory behavior. In the 0-D box model ap-
proach of Zachos and Kump, the ice sheet exhibits no hysteresis, so
Antarctic weathering area responds sensitively to temperature change
and tightly regulates atmospheric CO2 and thus global climate. Further-
more, their model ice-sheet growth and ablation were strongly depen-
dent on global temperature, creating strong feedback that constrained
global temperatures to a narrow range (b1 °C) with growth and abla-
tion nearly balanced. This extended their time scale of ice-sheet re-
sponse to millions of years rather than thousands of years in the
present simulations, more closely matching the long timescales of CO2

relaxation as required for oscillations (see Appendix A).

4.2. Godderis et al. (2008)'s weathering

Fig. 5 shows the same set of long-term runs, but using Godderis
et al.'s weathering parameterization (Eq. (4) and Table 1). There is
some similaritywith the results of the previous section usingDonnadieu
et al.'s weathering (Fig. 4); in both cases, the largest ice-sheet sizes are
attained for intermediate Sw and CO2 values (here 1.0 and 2.0x PAL re-
spectively), for the reasons discussed above. But there is considerably
more non-linearity with Godderis et al.'s weathering. For weathering
factors Sw ≥ 1.1, CO2 drops to very low values (well below 0.1x PAL).
In some cases this produces a single slight overshoot and recovery in
ice volume (Sw =1.1, 1.2 and 1.4; the 1.1 case takes longer than
shown to do this, not reaching full equilibrium until ~23 Ma). These
slight overshoots are entirely due to atmospheric CO2 passing through

Fig. 4. Variations of atmospheric CO2 (x PAL, thin curves) and total Antarctic ice volume
(106 km3, thick curves) vs. time, in long-term simulations using the weathering parame-
terization of Donnadieu et al. (2006). Each pair of thick and thin curves shows a run
with a different silicate weatherability factor, ranging from Sw = 0.7 to 1.4. The x-axis
scale is chosen so that times of major ice growths cluster roughly around the time of the
Eocene–Oligocene Transition at 34 Ma, but is not otherwise linked to geologic data. In all
cases, a step-function perturbation is applied at the start of the run (labeled 35 Ma).
Note that for Sw = 0.7, no ice grows, so the thick cyan curve coincides with the x-axis.
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the unstable portion of Godderis CO2-vs-weathering relationship (Fig. 6,
~1.5 to 0.2 PAL).

For smaller Sw ≤ 1.0, CO2 drops more slowly towards final values of
2x PAL or above, and the rate of decrease slows slightly as the Antarctic
Ice Sheet grows and suppresses weathering on that continent (except
for the no-ice case with Sw =0.7). For Sw = 1.1 (red curve), the ice
growth is sudden enough to reverse the downward slope in CO2,
and produces a moderate recovery to the final equilibrium value. In
principle this is the first half-cycle of an internal oscillation, involving
feedbacks that could potentially sustain cycles; i.e., as Antarctic ice ex-
pands, it suppresses weathering on ice-free land, reducing global CO2

drawdown and allowing some recovery in CO2 levels. But there is not
enough subsequent warming to reduce ice extent and sustain the oscil-
lation, due to the disparity in the CO2 and ice-sheet timescales, and the
dominance of ice-sheet HMBF producing monotonic ice growth.

The bifurcation in the final equilibrated CO2 responses in Fig. 5
(i.e., negligible CO2 for Sw ≥ 1.1, and 2x PAL or more for Sw ≤ 1.0) is
due to an unstable region in the weathering vs. CO2 relationship using
Godderis et al. (2008)'s weathering equations (Fig. 6). As described in
the next section, global CO2 consumption increases for declining CO2

levels in the range ~1.5 to 0.2x PAL (even exhibiting a second, smaller
local maximum at ~1.1 PAL). So if CO2 falls into this range in the long-
term runs, there is a rapid unstable drop to very low CO2 values, regard-
less of any variations in Antarctic ice.

5. Results: CO2 vs. weathering relation

A central assumption of theweathering-CO2 “thermostat”mechanism
is that global consumption of atmospheric CO2 by silicate weathering in-
creasesmonotonically as CO2 levels increase and temperatures rise. This
is a stabilizing (negative) feedback; for instance, it prevents atmospher-
ic CO2 and global temperatures from increasingwithout limit if volcanic
emissions are slightly elevated for a prolonged period (Walker et al.,
1981; Berner and Kothavala, 2001).

We tested this assumption using the coupled models in this paper,
by prescribing various atmospheric CO2 levels and using the GCM
look-up table to provide climate and the weathering parameterizations
to compute global CO2 consumption. A full Antarctic ice extent is
prescribed for the GCM look-up, although these results are essentially
independent of Antarctic ice-sheet size. Fig. 6 shows the resulting rela-
tionships, for the two weathering parameterizations (Donnadieu et al.,
2006; Godderis et al., 2008) used above with Sw = 1.

With the simpler one-equation parameterization (Donnadieu et al.,
Eq. (3), blue curve), the relationship is monotonic and increasing, as
expected. With the more complex parameterization (Godderis et al.,
Eq. (4) and Table 1, red curve) there is a range of CO2 levels between
~0.2 and 1.5x PAL where global weathering consumption decreases
with increasing CO2. This stems from the use of climatic zones in
Godderis et al., defined by ranges of temperature and runoff, and having
very different coefficients relating runoff to CO2 consumption (Table 1).
As CO2 increases, the location of each zonemoves poleward across con-
tinents with varying area at each latitude.

This can be seen in Figs. 7 to 9 showing how the area, mean runoff
and weathering consumption vary for each of the 5 climatic zones for
different CO2 levels. Fig. 9 shows that zone C (mild temperate, green
curve) dominates weathering. That is because it has both a substantial
weathering/runoff coefficient Kw (Table 1), and substantial runoff in
its mild climate. By comparison zone A (warm humid) has a much
smaller Kw (reflectingmore highly leached soils and a dearth of primary
minerals for weathering), and zone B (warm arid) by definition has
much smaller runoff, so both yield much less runoff than zone C.

As CO2 increases from very low values, the area of zone C peaks dra-
matically at 0.2x PAL and then drops gradually to ~2/3 of the peak value
by 1.5x PAL (Fig. 7). Combined with a similar ~1/3 drop in average run-
off over the same CO2 range (Fig. 8), this produces a more than 50%
decrease in weathering consumption by zone C (Fig. 9). Because zone
C dominates total weathering as described above, total weathering
also decreases in this CO2 range (Fig. 6, red curve).

Fig. 10 shows global maps of climatic zones, runoff and weathering
for selected CO2 values. The peak area of zone C at 0.2x PAL discussed

Fig. 5. Same as in Fig. 4 except using the weathering parameterization of Godderis et al.
(2008).

Fig. 6. Global consumption of CO2 by silicate weathering (1012 mol a−1) vs. CO2 level
(x PAL), for the twoweathering parameterizations used in this paper. Curves are generat-
ed by prescribing CO2 levels at fine intervals, and calculating global consumption from the
GCM look-up table, soil-runoff model, and each weathering parameterization (see text).

Fig. 7. Area of each climatic zone relative to global land area in Godderis et al. (2008)'s
weathering parameterization, vs. atmospheric CO2 level. For each prescribed CO2 level,
the GCM look-up provides the climate, and the locations of the climatic zones are deter-
mined from Table 1.
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above is due to its occupying almost all of Africa and much of South
America (Fig. 10a). Its area shrinks as it migrates to subtropical and
mid latitudes at 0.5 and 1.5x PAL, and is replaced in the tropics mostly
by zone A (warm humid, with low Kw; Fig. 10b). This causes dramatic
decreases in CO2 weathering in these regions (Fig. 10g,h), producing
the trends in Fig. 9 and the negative slope of total weathering vs. CO2

in this range in Fig. 6.

6. Discussion

Although the present results and findings are reasonably unambigu-
ous within this particular modeling framework, there are broader un-
certainties, including:

(1) The GCM look-up table method of providing long-term climate
variations has several drawbacks, including crude albedo feed-
back and inability to smoothly track orographic precipitation
(Pollard, 2010). Direct asynchronous coupling with the ice-
sheet model would be preferable, but would be computationally
too expensive here; some Earth Models of Intermediate Com-
plexity (EMICs) would be feasible and could be used in future
work.

(2) Interactions between climate and large-scale vegetation distribu-
tion are neglected here. Although climate-vegetation feedbacks
can be significant in some contexts (e.g., DeConto et al., 2000;
Knorr et al., 2011), there is no intrinsic reason for them to play
a role in internal oscillations investigated here. However, this
should be checked in future work using GCMs with interactive

vegetation, especially if alternate weathering formulations are
used that depend on vegetation.

(3) As discussed above, the degree of hysteresis in Antarctic ice-
sheet size vs. temperature (atmospheric CO2) is important, but
uncertain and has the potential to affect our results (Pollard
and DeConto, 2005, 2007, 2010). However, in this study a range
of weak to strong hysteresis was explored using parameterized
and GCM climates, and all experiments give the same result of
no internal cycles, suggesting that even a small amount of hyster-
esis prevents oscillations.

(4) As discussed in Section 3, ourmethod of essentially prescribing a
step-function drop in volcanism V at the start of each run, instead
of a more gradual decline, could be preventing oscillations. It
is possible that a more gradual decrease of V vs. time, and/or
gradual trends in weatherability Sw, could lead to fundamentally
different model behavior, but we believe it is unlikely. The goal
here is to seek internal cycles not forced by prescribed variations
external to the model, and if V or Sw varies smoothly and
uniformly only on much longer timescales, the behavior of the
model would be expected to be the same as in the runs above
with constant V and Sw after the EOT. Zachos and Kump (2005)
found that slower ramp-up of forcing only increased the
damping of their oscillations (their Fig. 3). Nevertheless, we
plan to explore these issues in further work.

(5) The runoff models and parameterizations of CO2 consumption by
silicate weathering are relatively simple. The absence of internal
cycles is probably robust and independent of the form of the
weathering parameterization. However, the finding of an unsta-
ble range (~0.2 to 1.5x PAL) with negative slope in the CO2 vs.
weathering relationship is a direct consequence of the climatic
zones in Godderis et al. (2008)'s parameterization, and no unsta-
ble region is found with the simpler Donnadieu et al. (2006)'s
parameterization. Any region of negative CO2 vs. weathering
slopewould be of considerable interest, and serious for the viabil-
ity of the Si-weathering thermostat mechanism. Further work
should include testing with other GCMs and other treatments of
silicate weathering.

7. Conclusions

The internal cycles in the CO2–climate–ice–weathering system sim-
ulated by Zachos and Kump's (2005) 0-D box modeling, and suggested
as an explanation for the quasi-periodic oscillations in benthic δ18O re-
cords following the Eocene–Oligocene Transition, are not found by our
coupled system with 3-D climate and ice-sheet models. Internal cycles
are prevented in our model mainly by (i) the powerful Height Mass-
Balance Feedback producing strong ice-sheet expansion after initial
growth, and (ii) hysteresis in ice-sheet response to climate that damps
retreat due to moderate warming.

These findings imply that the long, quasi-periodic oscillations initial-
ly observed in deep-sea isotope records (Zachos et al., 1996)were paced
by other processes. Studies of high-fidelity records generated on Oligo-
cene pelagic sections recently recovered from the Pacific (ODP Site
1218; Coxall et al., 2005; Coxall and Wilson, 2011) show that these
low-frequency cycles are indeed periodic (~400 ky). Cross spectral
analysis of the oxygen and carbon isotope records hint at a resonance ef-
fect in the carbon cycle in response to lower frequency components of
orbital variations (see Pälike et al., 2006). It has been suggested that
changes in climate (e.g. polar cooling) initiated feedbacks in the carbon
cycle and pCO2 that enhanced sensitivity to orbital forcing, particularly
at frequencies associated with 100 and 400 ky eccentricity cycles (har-
monics of the 100 ky residence time of C). The exact nature of the cou-
pling between the climatic response and carbon cycle remains unclear,
though as demonstrated here, it does not appear to involve an ice-sheet
weathering feedback (e.g., Ravizza and Paquay, 2008; cf. Scher et al.,
2011; Basak andMartin, 2013). More likely, the coupling involves shifts

Fig. 8. Same as in Fig. 7, showing average runoff (mm day−1) of each climatic zone.

Fig. 9. Same as in Fig. 7, showing CO2 consumption (mol a−1) of each climatic zone, deter-
mined using Eq. (4) and Table 1. Note that for polar regions, consumption is zero, so the
cyan curve coincides with the x-axis.
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in ocean circulation and/or precipitation patterns that influence the flux
of carbon to reduced carbon reservoirs.
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Appendix A. Linearized damped harmonic oscillator

In a system of first-order linear ordinary differential equations with
two variables and no forcing, the presence of damped, undamped or no
sinusoidal oscillations depends on the relative value of the 4 coeffi-
cients. Here we develop two very simplified equations in this form,
roughly based on the coupled system in the main part of the paper,
and estimate the values of the coefficients to see if oscillations would
be expected or not.

The two equations represent variations of total Antarctic ice volume
I and atmospheric CO2 level C, versus time t:

dI
dt

¼ 1
τi

Io − a C−Coð Þ − Ið Þ ðA:1Þ

d
ffiffiffiffiffiffiffiffiffiffiffi
C=Co

p
dt

¼ 1
D

V − 1−eIð Þ d C−Coð Þ þ Woð Þ½ �: ðA:2Þ

Here Io and Co are steady-state values, yielding zero time derivatives.
They can be thought of as modern (preindustrial) values. The constant
Wo in Eq. (A.2) is the preindustrial consumption rate of CO2 due to sili-
cate weathering when C= Co, and the coefficient d is the linear slope
of the CO2:weathering relationship at that point; below, we will use
Donnadieu et al. (2006)'s curve in Fig. 6 to estimate values of Wo and
d. In order for I= Io and C= Co to be a steady state, the volcanic
outgassing rate V is set equal to (1− eIo)Wo, and here, V does not vary
in time.

In Eq. (A.1), τi is the timescale of ice-sheet relaxation to equilibrium
with the climate, and a is the rate of decrease of equilibrium ice-sheet
size with CO2 (via climate). In Eq. (A.2), D is the global preindustrial
CO2masswhenC= Co, mainly dissolved in thedeep ocean, correspond-
ing to Do in Eq. (5b) with Da neglected; the square root on the left-hand
side of Eq. (A.2) is used for the same reason as in Eq. (5b) discussed in
Section 2.5. Finally, eI in Eq. (A.2) represents the fractional decrease of
global weathering consumption due to Antarctic ice cover (the coeffi-
cient e is chosen so that at maximum I, eI is a small fraction b 1).

These equations are linearized for small perturbations about the
steady state, i.e., I= Io + I′(t) and C= Co + C′(t). Substituting into
Eqs. (A.1) and (A.2) and neglecting 2nd-order terms (I′C′, C′ 2), this
yields:

dI′

dt
¼ − 1

τi
I′ − a

τi
C′ ðA:3Þ

Fig. 10. Global maps for 3 selected CO2 levels (0.2, 1.5 and 4x PAL) involved in the calculation of the CO2-weathering relationship shown in Fig. 6, and fromwhich the individual climatic-
zone curves in Figs. 7 to 9 were computed. (a) to (c), top row: locations of the 5 climatic zones in Godderis et al. (2008)'s weathering parameterization (Table 1; red =warm humid, yel-
low=warm arid, green =mild temperate, blue = cold temperate, purple = polar). (d) to (f), middle row: annual mean runoff (m a−1). (g) to (i), bottom row: CO2 consumption by sil-
icate weathering (mol m−2 a−1) using Godderis et al. (2008)'s parameterization.
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1
2Co

dC′

dt
¼ − 1

D
1−eIoð Þ d C′ þ Wo

D
eI′: ðA:4Þ

Converting to non-dimensional variables Î = I′ / Io and Ĉ=C′ / Co,
these become:

d̂I
dt

¼ −α Î−β Ĉ ðA:5Þ

dĈ
dt

¼ γ Î−δ Ĉ ðA:6Þ

where the coefficients α, β, γ and δ are real and positive, and are combi-
nations of the earlier coefficients with values estimated below. Non-
trivial solutions with time dependence eωt require that

ω ¼ − α þ δ
2

� �
�

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
α−δ
2

� �2
−βγ

s
ðA:7Þ

and these will be damped oscillations (complex ω) if and only if

α−δ
2

� �2
b βγ: ðA:8Þ

In terms of the earlier coefficients,

α ¼ 1
τi
; β¼ aCo

Io

� �
1
τi
; γ¼2Wo eIo

D
ffiffiffiffiffiffi
Co

p ; δ¼ 2d
ffiffiffiffiffiffi
Co

p
D

1−eIoð Þ ðA9Þ

Their rough magnitudes are estimated as follows.
For α: The time scale of Antarctic ice-sheet perturbations τi is

~10,000 yr (ice thickness change ~1000 m divided by areal mean sur-
face mass balance change 0.1 m a−1), and α=1 / τi.

For β: aCo / Io is the change in the equilibrium size of the Antarctic ice
sheet induced by a 1x PAL change in CO2 (via climate), relative to today's
size. In the arguably non-hysteretic range ~2 to 4x PAL and above, that is
roughly 1/2, so β≈ 0.5 / τi.

For γ: Co in PAL units is 1, and asmentioned above, eIo is a small frac-
tion (~Antarctic area/global land area, roughly 0.1). From Donnadieu
et al. (2006)'s weathering relation (blue curve, Fig. 6) at C= Co, Wo is
roughly ~4 × 1012 mol a−1. As discussed in Section 2.5, D is roughly
3.86 × 1018 mol. Defining a CO2 relaxation time scale τc =2D /Wo,
then τc ≈ 2,000,000 yr, and γ≈ 0.4 / τc.

For δ: From Donnadieu et al.'s weathering relation (Fig. 6, blue
curve), the slope d at C= Co is ~Wo / 4. (The Godderis et al. relation is
not used here to avoid complications with its unstable region discussed
in themain paper.)With d=Wo / 4, the above definition of τc,√Co =1,
and eIo = 0.1, then δ≈ 0.9 / τc ≈ 1 / τc.

Substituting these estimates of α, β, γ and δ in terms of τi and τc into
the requirement for damped oscillations (Eq. (A.8)),

1
4

1
τc

− 1
τi

� �2
b

0:5
τi

0:4
τc

: ðA:10Þ

Rearranging,

τi
τc

þ τc
τi

b 2:8: ðA:11Þ

This shows that if the two relaxation timescales τi and τc are similar,
within a factor of ~2 of each other, then Eq. (A.11) will be satisfied and
damped oscillations will occur. For the very different values estimated
above (τi = 10,000 yr and τc = 2,000,000 yr), τi / τc + τc / τi =
200.005, Eq. (A.11) is definitely not satisfied, and initial perturbations
I′ and C′ would decay exponentially without damped oscillations.
These conclusions are consistent with the behavior of the 3-D model
in Figs. 4 and 5, which show no internal oscillations. The estimates of

τi and τc above, and the decay rates 1 / τi and 1.2 / τc (from Eq. (A.7)
to first order in τi / τc), are also roughly consistent with the trends
seen in Figs. 4 and 5 for the full model.

Even if τi and τc are similar enough to allow damped oscillations,
with the above estimates of α, β, γ and δ in terms of τi and τc, Eq. (A.7)
shows that the real part of ω will always be more than 2× larger than
the imaginary part. That is, the e-folding decay rate of the damping
will be at least twice the frequency of the sinusoidal oscillations, and
the oscillations will be heavily damped as in Zachos and Kump (2005).
The smallest value of the ratio |ωr|/|ωi| is √5, when τi = τc.
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